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Abstract

The transient diffusion of cationic and anionic tracers through clay-rocks is usually modeled with parameters like porosity,
tortuosity (and/or constrictivity), sorption coefficients, and anionic exclusion. Recently, a new pore scale model has been
developed by Revil and Linde [Revil A. and Linde N. (2006) Chemico-electromechanical coupling in microporous media.
J. Colloid Interface Sci. 302, 682–694]. This model is based on a volume-averaging approach of the Nernst–Planck equation.
The influence of the electrical diffuse layer is accounted for by a generalized Donnan equilibrium model through the whole
connected pore space that is valid for a multicomponent electrolyte. This new model can be used to determine the composition
of the pore water of the Callovo-Oxfordian clay-rock, the osmotic efficiency of bentonite as a function of salinity, the osmotic
pressure, and the streaming potential coupling coefficient of clay-rocks. This pore scale model is used here to model the tran-
sient diffusion of ionic tracers (22Na+, 36Cl�, and 35SO4

2�) through the Callovo-Oxfordian clay-rock. Speciation of SO4
2�

shows that �1/3 of the SO4 is tied-up in different complexes. Some of these complexes are neutral and are therefore only influ-
ence by the tortuosity of the pore space. Using experimental data from the literature, we show that all the parameters required
to model the flux of ionic tracers (especially the mean electrical potential of the pore space and the formation factor) are in
agreement with independent evaluations of these parameters using the osmotic pressure determined from in situ pressure mea-
surements and HTO diffusion experiments.
� 2009 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

The diffusion of ions in charged porous media like clay
materials has been studied by a number of researchers for
a variety of geoenvironmental applications including
ground water contamination from clay-lined landfills
(Malusis et al., 2003) and the spreading of contaminants
from canisters containing nuclear wastes (Chatterji, 2004).
The possibility to use clay-rocks as a potential host for
the long-term isolation of nuclear wastes has recently driven
new researches in this field. The French Nuclear Waste
0016-7037/$ - see front matter � 2009 Elsevier Ltd. All rights reserved.

doi:10.1016/j.gca.2009.01.035

* Corresponding author.
E-mail address: djougnot@mines.edu (D. Jougnot).
Agency (ANDRA) is presently studying the long-term stor-
age of high-level long-lived nuclear wastes in the Callovo-
Oxfordian (COx) clay-rock formation in the eastern part
of the Paris basin (ANDRA, 2005). The COx clay-rock is
composed of clay-minerals (between 20% and 50% by
weight), silica, and carbonates. Because of the low intrinsic
permeability of this formation (in the range 10�19–
10�21 m2, Escoffier et al., 2000; Gasc-Barbier et al., 2004),
diffusion of ions is considered to be the major mechanism
of the potential spread of ionic species both in the medium
(Cey et al., 2001; Patriarche et al., 2004).

To understand the diffusion of ions in such a complex
material, new experiments were performed recently to evalu-
ate the diffusion and the sorption of radio-isotopic elements
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(Melkior et al., 2004, 2005, 2007; Bazer-Bachi et al., 2005,
2007 and references therein). However, these authors used
phenomenological models and empirical parameters to ex-
plain why the intrinsic diffusion coefficient of some sorbed
cationic species (like Na+, K+, or Cs+) are higher than the
diffusion coefficient of anions (e.g., chloride). Their approach
does not take into account explicitly the influence of the
microstructure and electrochemical properties of the min-
eral/water interface on the diffusivity of ions and long-term
range force like the Coulomb force (Revil, 1999).

Recently, Appelo and Wersin (2007) used a generalized
Donnan equilibrium model to include the effect of the dif-
fuse layer at the mineral/water interface of clay materials
upon the diffusivity of ionic species. However, their model
does not consider the existence of the Stern layer where
most of the charged counterions are located (Leroy and Re-
vil, 2004; Leroy et al., 2007, 2008).

In this paper, we are interested to test the approach devel-
oped recently by Revil and Linde (2006), Leroy et al. (2006),
and Revil (2007). Revil and Linde (2006) and Revil (2007)
developed a unifying model of transport properties of water
and ions in charged microporous materials. This model is ob-
tained by upscaling the local constitutive equations (Nernst–
Planck and Navier–Stokes equations) using a volume-aver-
aging operator. Consequently, the constitutive equations
established some simple, and theoretically-based, relation-
ships between the measurable material properties, the
key-microstructural parameters of the porous medium (for-
mation factor and intrinsic permeability), and the electro-
chemical properties of the double layer coating the clay
particles. This model was recently extended to include the ef-
fect of partial saturation upon electrokinetic properties (Lin-
de et al., 2007; Revil et al., 2007) and the diffusion of ions in a
concentration field for partially saturated media (Revil and
Jougnot, 2008). Leroy et al. (2007) have also modeled the
composition of the pore water of the Callovo-Oxfordian
clay-rock using an extension of this model by dividing the
porosity into two compartments depending on the pore size
distribution and the thickness of the diffuse layer.

In the present paper, we adapt this modeling approach
in order to study the diffusion of radio-active tracers in a
clay-rock. Because the pore size distributions of the samples
investigated in the present study are unknown, we use a
Donnan model for which the homogenization volume is
the whole connected pore space and not only the fraction
of the pores affected by the diffuse layer. This approach is
consistent with the original Donnan approach (Teorell,
1935; Meyer and Sievers, 1936) which has been generalized
by Revil and Linde (2006). After a rapid review of the clas-
sical diffusion models used in the literature to interpret such
type of data, we present the microscopic description and
underlying assumptions of our tracer diffusion model. This
model is tested against recent experimental data using a
variety of three radio-active tracers (22Na+, 36Cl�, and
35SO4

2�) on different samples of the Callovo-Oxfordian
clay-rock in the porosity range 0.03–0.15. The models show
also a consistency between the mean electrical potential
existing in the pore space of the clay-rock and the electrical
potential needed to explain the osmotic pressure in the COx
formation.
2. STATE OF THE ART

The diffusion of ions through a porous material is clas-
sically based on the Fick constitutive equation. The flux
of the species i through a porous material, Ji (in
mol m�2 s�1) is usually described by the Fick’s first law,

Ji ¼ �DirCi; ð1Þ

where Di is the effective diffusion coefficient in the medium
(in m2 s�1) and Ci the concentration of species i in the por-
ous medium (in mol m�3). The concentrations, usually ex-
pressed in mol L�1, are expressed below in m�3 in the
metric system.

Several models have been developed to express Di in
terms of the textural properties of the porous material
(see Bourg et al., 2003; Bourg, 2004 for some phenomeno-
logical models and Melkior et al., 2007 for a short review of
the literature). It is notoriously known that porosity cannot
be used alone to determine the diffusion coefficient. Tortu-
osity is used to account for the tortuous path of the ions
during their migration through the pore space and constric-
tivity to account for the fact that only a fraction of the
porosity is used as a pathway for the diffusion of the ions.
One of the most popular models to account for tortuosity
was developed by Van Brakel and Heertjes (1974). It yields,

Di ¼ /Df
i

d
s2
; ð2Þ

where Df
i (in m2 s�1) is the self-diffusion coefficient of spe-

cies i in the bulk pore water, / is the total connected poros-
ity, s is the tortuosity of the bulk pore space, and d is the
constrictivity. Further in this paper, we will propose to dis-
tinguish two components in the constrictivity parameter: a
geometrical constrictivity (dg) for the pore space topogra-
phy and an electrostatic constrictivity (del) for the electro-
static interactions between ions and charged mineral
surfaces.

The continuity equation for the species i, in a porous
medium, can be expressed by the Fick’s second law:

/
@Ci

@t
þ ð1� /Þqg

@CS
i

@t
¼ �r � Ji; ð3Þ

with CS
i the concentration of ions i that are sorbed onto the

mineral surface (in mol kg�1), qg the grain density (in
kg m�3), and t the time (in s). The second term of the left
hand side of Eq. (3) corresponds to a source/sink term that
is associated with the interactions of the solution with the
surface of the minerals. Sorption of solutes in a porous
medium can be represented by simple isotherms (see Lim-
ousin et al., 2007 for a recent review) or models accounting
for electrical double or triple layer theory (Leroy and Revil,
2004; Leroy et al., 2007) assuming or not instantaneous and
reversible adsorption. Assuming that the ratio between the
sorbed concentration and solution concentration is con-
stant with time, it is customary to introduce a distribution
or partitioning coefficient defined by Ki

d ¼ CS
i =Ci (in

m3 kg�1) (e.g., Limousin et al., 2007). Using this definition,
Eq. (3) can be written as follow:

/þ ð1� /ÞqgKi
d

� � @Ci

@t
¼ �r � Ji; ð4Þ
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where /þ ð1� /ÞqgKi
d

� �
is equivalent to /Ri

d , where Ri
d is

the well-known retardation factor. Introducing the effective
sorption and the Fick’s first law in Eq. (4) yields the classi-
cal diffusion equation,

@Ci

@t
¼ r � ðgirCiÞ; ð5Þ

where gi, the apparent diffusivity of ion i, is defined by,

gi ¼
Di

/þ ð1� /ÞqgKi
d

� � : ð6Þ

In Eq. (6), Ki
d is sometimes used as a constant. However, it

is rare that sorption can be represented by ‘‘simple iso-
therms”, which have mostly been shown not to work at
all when any kind of competition is at play (either from
strong aqueous complexes, as in the case of uranium and
carbonate, or from other sorbed species, given a finite sorp-
tion capacity) (Zachara et al., 2002; Steefel et al., 2003,
2005; Zhu, 2003).

Note that in this paper, we use the expression ‘‘diffusion
coefficient” to describe the material properties arising in
Fick’s first law (which is the constitutive equation) and the
term ‘‘diffusivity” to describe the material properties arising
in the diffusion equation obtained by combining Fick’s first
and second laws. If sorption can be neglected for a given tra-
cer, the diffusivity of this tracer is equal to the ratio between
the effective diffusion coefficient and the porosity gi = Di//
(Revil and Leroy, 2004; Revil et al., 2005).

The previous model is however too simplistic. It does
not account for the influence of the electrical diffuse layer
(e.g., Appelo et al., 2008). To account for this effect, Muuri-
nen et al. (1988) proposed the introduction of an effective
porosity /eff in the mass conservation equation. This yields:

/effi

@Ci

@t
¼ r �

/effi
Df

i

s2
rCi

 !
: ð7Þ

For anions, this effective porosity can also be modeled by
using a negative value of the distribution coefficient. This
very popular approach is however phenomenological in
nature and /eff is a fitting parameter that takes different val-
ues for different ions.

Bourg (2004) and Bourg et al. (2006) proposed a diffu-
sion model in bentonite. This model divides the medium
in three parallel pore networks: a macroporous one and
two microporous (a two-layer and a three-layer water mol-
ecule in the clay interlayer porosity both corresponding to
the so-called bound water). Due to their negative charge,
this model considers that anions have no access to the
two last microporous network. Each pore diffusion is de-
scribed with a tortuosity s (considered as a geometrical
parameter) and a constrictivity d (which take into account
pore section variability, steric effect, and viscosity effect).
In addition, Bourg (2004) considered the same tortuosity
for the three networks. The total diffusion flux is the sum
of the fluxes for each pore network.

Other authors consider the division of the connected
porosity into compartments: one for the sorbed species
and/or the diffuse layer and the other for the free water
(Appelo et al., 2008). According to Kim et al. (1993) and
Eriksen et al. (1999), these two compartments contain mo-
bile charges. Therefore two diffusion coefficients have to be
considered: the bulk diffusion coefficient Di and the surface
diffusion coefficient DS

i (in m2 s�1). Introducing this surface
diffusion coefficient in the constitutive equation yields,

Ji ¼ � Di þ ð1� /ÞqgKi
dDS

i

� �
rCi: ð8Þ

This model was used by Muurinen (1994) to model the dif-
fusion of cations in charged porous media. He found that
Di is generally stronger than DS

i by at least one order of
magnitude. This result is consistent with the fact that the
electromigration mobility of the counterions in the Stern
layer is usually smaller than the mobility of the ions in
the bulk pore water by one order of magnitude (Revil
et al., 1998; Revil, 1999). However, there is no reason that
surface diffusion would act in parallel to the bulk diffusion.
We know, from electrical conductivity models, that the
electromigration of the ions follows very different paths be-
tween the bulk pore space and the surface of the pores (Ber-
nabé and Revil, 1995; Revil et al., 1998; Revil, 1999). In
addition, there is no clear picture of surface diffusion in
the Stern layer. Models for the electromigration of the
counterions in the Stern layer predict no migration of the
counterions in this layer at zero frequency (Leroy et al.,
2008; Leroy and Revil, 2008, submitted to Journal of Geo-
physical Research, 2008). Because of the intrinsic connec-
tion between diffusion and electromigration, this implies
that the diffusion of the counterions in the Stern layer is
physically not possible because it is not possible to build
surfaces concentrations/activity gradients in the Stern layer.
In addition, the fraction of counterions between the Stern
layer and the diffuse layer is relatively independent of the
salinity of the pore water for the salinity range considered
in this paper (see Leroy and Revil, 2004). Recent modeling
of the effect of the salinity upon the partition coefficient of
the counterions between the Stern and the diffuse layers
(Leroy and Revil, submitted to Journal of Geophysical Re-
search, 2008) shows that the partition coefficient increases
slightly with the salinity in agreement with the fact that
the diffuse layer disappears at I � 0.2 M.

The main problem with the previous approaches is that
they do not take into consideration the influence of the elec-
trical diffuse layer upon the concentrations of the ionic spe-
cies in the pore space of the clay-rock (see Leroy et al.,
2007). Some diffusion models, however, are partially based
on the properties of the electrical double layer. Several
authors have proposed to divide the pore space into three
compartments (i) the Stern layer with immobile sorbed
ions, (ii) the diffuse layer with mobile ions (but with concen-
trations determined by solving the Poisson-Boltzmann dif-
ferential equation), and (iii) the bulk water of the pore
which contains free ions. Sato et al. (1995) proposed for
example to introduce the contribution of ion located in
the diffuse double layer with an electrostatic constrictivity
del:

Ji ¼ �delDirCi: ð9Þ
This electrostatic constrictivity is the ratio between the aver-
age concentration of ion in the diffuse layer Cd

i ðxÞ and the
concentration in the bulk water Ci (Sato et al., 1995),

del ¼
1

RCi

Z R

0

Cd
i ðxÞdx; ð10Þ



Fig. 1. Picture of a COx sample by scanning electron microscopy
(credit: J.C. Robinet). The silica and carbonate grains are embed-
ded into a clay matrix.
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where R is the mean pore radius, x is the distance normal to
the surface of the pores, and Cd

i ðxÞ is the local concentration
of species i determined by solving the Poisson-Boltzmann
equation at the microscale. Ochs et al. (2001) used however
electrostatic constrictivity as a fitting parameter, so their
approach remains limited. We will show in Section 3 that
our approach yields a better expression to determine the
electrostatic constrictivity, which will be based on an exten-
sion of Donnan equilibrium theory.

Molera and Eriksen (2002) use a partition coefficient f

between the species located in the diffuse layer and those lo-
cated in the Stern layer. This fraction is assumed to have no
dependence with Ci and CS

i . This yields another expression
for the constitutive equation,

Ji ¼ � Di 1þ f
ð1� /Þ

/
qgKi

d

� �� �
rCi: ð11Þ

However, they do not provide a way to estimate this param-
eter from the underlying electrical double layer theory. We
will show below that our model is able to determine the va-
lue of this parameter.

In all the models discussed previously, the parameters
involved in the generalized Fick’s law (like the electrostatic
constrictivity del or the coefficient f) have to be determined
empirically. In the next section, we use a ionic diffusion
model based on a volume-averaging approach of the
Nernst–Planck equation and related to the electrical double
layer theory (Revil and Linde, 2006).

3. A NEW MODEL

When dealing with a general strategy to upscale local con-
stitutive equations in a charged porous medium, there are
two main avenues. The former consists in simplifying the
topology of the pore network by assuming a simple geometry.
For example, the pore network can be assumed to be made of
a set of capillaries with a known pore size distribution, a given
local or macroscopic tortuosity, and possibly some connec-
tivity described by percolation theory. In this case, it is possi-
ble to solve exactly the Poisson-Boltzmann equation for each
capillary and to determine the effective properties at the scale
of a representative elementary volume. This requires that this
simplification of the geometry is a good assumption and that
the pore size distribution is known.

A second avenue consists in performing an homogeniza-
tion of the diffuse layer plus the free water at the local scale
(replacing the Poisson-Boltzmann problem by the Donnan
problem, Teorell, 1935; Meyer and Sievers, 1936) and upscal-
ing the local solution at the macroscopic scale using for
example a volume-averaging approach (Revil and Linde,
2006). This has the advantage of using less restrictive
assumptions regarding the geometry of the porous material
and discussing the effect of the microgeometry using effective
parameters like the formation factor for instance. Following
Revil and Linde (2006), we use this second approach below.

3.1. Underlying assumptions

The Callovo-Oxfordian (COx) clay-rock (Fig. 1) is a
complex material with both micropores and macropores.
The distinction between these two families of pores is based
on the thickness of the diffuse layer, which depends in turn
of the ionic strength of the solution in equilibrium locally
with the medium. We will consider below Donnan equilib-
rium over the full connected porosity as done classically
with the Donnan model. The reason is that usually the pore
size distribution is not available to apply the more sophisti-
cated model developed recently by Leroy et al. (2007).

The COx clay-rock is considered to be a charged porous
medium fully saturated by a multicomponent electrolyte
with Q species. The surface of the solid phase of the clay
particles is assumed to carry a net electrical charge density
because of the complexation of the surface sites with the
elements of the pore water and isomorphic substitution in
the crystalline framework of smectite. This surface charge
density is responsible for the formation of an electrical tri-
ple layer (Fig. 2) that includes the Stern layer and the diffuse
layer (e.g., Hunter, 1981).

The electroneutrality of a representative elementary vol-
ume of the clay-rock is written as (Revil and Linde, 2006):

QV þ
S

V f
QS ¼ 0; ð12Þ

where QV is the total charge of the diffuse layer per unit
pore volume of the connected porosity, QS = Q0 + Qb is
the total (fixed) surface charge density (in C m�2) on the
surface of the clay particles. This charge density includes
the charge density due to the active sites covering its surface
Q0 and the charge density of the Stern layer Qb (Fig. 2). In
Eq. (12), S (in m2) is the surface area of the interface sepa-
rating the solid and the liquid phases in a representative ele-
mentary volume of the material, and Vf is the pore volume
(in m3) of the same representative elementary volume. The
volumetric charge density QV corresponds to the net
amount of charge of the diffuse layer per unit pore volume
(in C m�3). It is defined by:

QV ¼ ð1� fQÞQV ; ð13Þ

where fQ is the fraction of charge carried by the counterions
located in the Stern layer or, in other words, the partition
coefficient of the countercharge between the Stern and the
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Fig. 2. Sketch of the electrical triple layer extending from the
surface of the clay minerals to the center of the pore. M+ represents
metal cations and A� the anions.
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diffuse layers, and QV represents the total charge density
associated with the cation exchange capacity of the material
(Revil et al., 2002)

QV ¼ qg
1� /

/

� 	
CEC; ð14Þ

where qg represents the solid grain density (in kg m�3) and
the CEC is the cation exchange capacity of the medium (in
mol kg�1). Using an electrical triple layer model, Leroy
et al. (2007) obtained fQ = 0.94 ± 0.02 at 25 �C for the
COx clay-rock. Gonc�alvès et al. (2007) obtained fQ / 0.85
from filtration efficiency experimental data for a compacted
bentonite. Leroy and Revil (submitted to Journal of Geo-
physical Research, 2008) obtain for smectite fQ in the range
0.85–0.90 using a TLM model. In all cases, this means that
a large fraction of the counterions are located in the Stern
layer.

In thermodynamic equilibrium, the Donnan equilibrium
model is based on the equality between the electrochemical
potential of the ions in the pore space of the charged porous
material and in a reservoir of ions in contact with the
charged porous material. In terms of concentrations, the
concentration of the species i in the pore space of the mate-
rial, Ci, is related to the concentration of the species i in the
reservoir, Ci, by (e.g., Leroy et al., 2007)

Ci ¼ Ci
ci

�ci
exp � qium

kBT

� 	
; ð15Þ

where qi = (±e)zi represents the charge of the ion i (in C)
with zi the charge number of the ion and e the elementary
charge (1.6 � 10�19 C), kB the Boltzmann constant
(1.381 � 10�23 J K�1), T the absolute temperature in K, ci

and �ci are the activity coefficients of ion i in a reservoir of
ions in local equilibrium with the porous material and in
the pore space of the COx clay-rock, respectively, and um

is the mean electrical potential in the pore space of the med-
ium. Leroy et al. (2007) showed that, at the ionic strength of
the bulk pore water, the ratio of the activity coefficients can
be neglected ðci=�ci � 1Þ.

The potential um can be determined from the volumetric
charge density QV by solving numerically the following
charge balance equation (see Revil and Linde, 2006; Leroy
et al., 2007),

QV ¼
XQ

i¼1

qiCi exp � qium

kBT

� 	
: ð16Þ

To perform these computations, we need the macropore
water composition proposed for example by the THERM-
OAR model (Gaucher et al., 2006) at 25 �C. Following Ler-
oy et al. (2007), we took CEC = 0.18 mol kg�1,
qg = 2700 kg m�3, T = 298.15 K (25 �C), and
fQ = 0.94 ± 0.02. With these parameters, we will show later
that the mean electrical potential of the entire pore space of
the COx clay-rock is typically in the range from �15 to
�40 mV.

From Eqs. (10) and (15) and using ci=�ci � 1, the mean
electrical potential can be also related to the electrostatic
constrictivity introduced by Sato et al. (1995) (see Section
2):

del ¼
Ci

Ci
¼ exp � qium

kBT

� 	
: ð17Þ

For the COx clay-rock, surface properties are domi-
nated by the reactivity and specific surface area of smectite.
Using a triple layer model, we determined the distribution
coefficient Ki

d ¼ CS
i =Ci using the calculated surface site den-

sity of sorbed counterions in the Stern layer C0
Xi(in sites

m�2). The subscript ‘‘X” refers here to the surface sites
resulting from isomorphic substitutions into the mineral
lattice and situated on the basal planes of the smectite par-
ticles (Leroy et al., 2007). In most of experimental studies,
the distribution coefficient Ki

d is obtained by batch or col-
umn experiment for each type of tracer.

The concentration of sorbed species CS
i is given by:

CS
i ¼ C0

XiSsp; ð18Þ
where Ssp is the specific surface area (in m2 kg�1 of min-
eral). Gaucher et al. (2004) proposed an average value of
the specific surface for the COx: Ssp = 5 � 104 m2 kg�1. In
the case of monovalent and bivalent counterions, respec-
tively, the surface site density of sorbed counterions in the
Stern layer C0

Xi is determined by Leroy et al. (2007):

C0
Xi ¼

C0
Xai

Ki
exp �

eub

kBT

� 	
; ð19Þ

C0
Xi ¼ �

eC0
X

2
ai

2KiQ0

exp �
2eub

kBT

� 	
; ð20Þ

where ub is the electrical potential at the Stern plane and C0
X

the total surface site density of the ‘‘X” sites. Using the
model of Leroy et al. (2007), we determined an average of
these two parameters for the COx medium: ub = �95.3 mV
and C0

X ¼ 9:1� 1016 sites m�2. In Eqs. (19) and (20), the
parameter ai represents the activity of the species i in the



Fig. 3. Implementation sketch of our model for tracer diffusion
simulation. The subscripts i and T refer for the considered ionic
species and the used tracer isotope.
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macropores, Q0 (in C m�2) is the surface charge density at
the surface of the mineral, and Ki represents the speciation
constant associated with the desorption of the counterion i.
This model will be used to compute a prior value for KNa

d of
the 22Na+ tracer in Section 5.

3.2. A model for the diffusion of tracers

Revil and Linde (2006) proposed a multi-ionic diffusion
model in which flux of species i is driven by the gradient of
its electrochemical potential. In the present case, there is no
macroscopic electrical field because of the concentration of
the tracer is much smaller than the ionic strength of the
pore water. In Appendix A, we show that this model yields
an apparent Fick’s law Leroy et al. (2006),

Ji ¼ �DirCi; ð21Þ

Di ¼
biCikBT
jqijCiF

; ð22Þ

where Di is the effective diffusion coefficient of the ionic spe-
cies in the microporous charged medium, bi is the corre-
sponding ionic mobility in the bulk pore water (in
m2 s�1 V�1), and F is the formation factor. Note that Di

is the product of three terms: (i) the self-diffusion coefficient
of the ionic tracer in the water Df

i , which is expressed by the
Nernst–Einstein relation,

Df
i ¼

bikBT
jqij

; ð23Þ

(ii) the formation factor F which can be related to the
porosity by Archie’s law F = /�m (Archie, 1942), where m

is called the cementation exponent with 1 6 m 6 3 for most
of all media (m has been determined equal to 1.95 ± 0.04 in
the COx by Revil et al. (2005) and in the range 2-3 by Des-
costes et al., 2008), and (iii) the Ci=Ci ratio, which is given
by Eq. (17).

From Eqs. (17), (22), and (23), we obtain the following
relationship for the diffusivity and the effective diffusion
coefficient:

gi ¼
Df

i

/þ ð1� /ÞqgKi
d

1

F

� 	
exp � qium

kBT

� 	
; ð24Þ

Di ¼
Df

i

F
exp � qium

kBT

� 	
; ð25Þ

respectively. Therefore the diffusivity of an ionic tracer de-
pends only upon three key-parameters: Ki

d , F, and um. The
formation factor can be obtained by a variety of methods like
the measurement of the electrical conductivity of the porous
material at different salinities of the brine to separate the con-
tribution from the brine conductivity from the surface con-
ductivity contribution (note that F is NOT the ratio of the
brine conductivity to the effective conductivity of the rock
as found in a number of papers). The formation factor can
also be obtained by steady-state HTO (tritiated water) diffu-
sion experiments. HTO is considered to be a non-reactive
species with the mineral/water interface. Therefore the model
of Revil (1999) yields F ¼ Df

HTO=DHTO where Df
HTO is the value

of self-diffusion coefficient of HTO in water and DHTO repre-
sents the value of the effective diffusion coefficient of HTO
through the porous material.
4. NUMERICAL SIMULATIONS AND SENSITIVITY

ANALYSIS

The previous system of equations was solved by a PDE
solver based on the finite-element method (the Earth Sci-
ence module of COMSOL MultiphysicsTM 3.4). We have
checked the accuracy of the solver by comparing the results
with known analytical solutions (e.g., Crank, 1970). The
problem can therefore be solved in 1D, 2D, or 3D account-
ing for the heterogeneity in the distribution of the material
properties (e.g., the formation factor) or the physicochemi-
cal parameters associated with the clay content and the clay
mineralogy.

We consider below only the 1D problem of a tracer
through-diffusion experiment. The through-diffusion tech-
nique is a classical laboratory method to determine the dif-
fusion properties of consolidated clay material (e.g.,
Melkior et al., 2004). A small cylinder of the medium is
placed between two reservoirs filled with water in chemical
equilibrium with this medium. In order to study diffusion
properties of a considered ionic species i, a trace concentra-
tion of a radio-active isotope is placed in the upstream res-
ervoir. As the tracer concentration is very low, there is no
real concentration gradient in the medium and therefore
no electroosmotic flow and no macroscopic electrical field.
Tracer concentrations in each reservoir are kept as constant
as possible: trace concentration in the upstream reservoir
and zero in the downstream reservoir. In general, diffusion
properties of a medium are determined by tracer influx in
the downstream reservoir (Melkior, 1999; Melkior et al.,
2004). We use constant boundary conditions:
CT = 10�14 mol m�3 (trace level) in the upstream reservoir
and CT = 0 mol m�3 in the downstream reservoir (Fig. 3).
We note L (in m) the length of the core sample, which is di-
vided into 120 elements.

We compute the evolution of the normalized ionic fluxes
JN (integrated over the surface area of the end-face of the
core sample) in the downstream reservoir as a function of
time. The flux of the ionic tracer in the downstream reser-
voir is normalized by the tracer concentration in the up-
stream reservoir and by the length L of the core sample.
Thus the normalized flux JN is expressed in m2 s�1. Time
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axis is expressed in days for convenience (the computations
are all performed in SI units).

We discuss now the sensitivity of the model to its param-
eters described in Section 3. This synthetic case was imple-
mented with the properties of the COx and the pore water
chemistry obtained by Leroy et al. (2007). The porosity /
= 0.164 yields F = /�1.95 = 34.0. The density
qg = 2700 kg m�3, the CEC = 0.18 mol kg�1, and the parti-
tion coefficient fQ = 0.94 yield um = �14.9 mV using Eqs.
(13)–(16). If the partition coefficient fQ takes the values
0.92 and 0.96, um is equal to �18 and �11 mV, respectively.
We consider a radio-active metal cation tracer M+ with a
total concentration (tracer and stable isotope) in the med-
ium CMþ ¼ 31:5� 10�3 mol L�1, the mobility
bMþ ¼ 5:19� 10�8 m2 s�1 V�1 and the following distribu-
tion coefficient KMþ

d ¼ 10�3 m3 kg�1. Fig. 4 shows the sensi-
tivity of the model to these four important parameters.

By definition (see Section 3), the formation factor F and
the electrical mean potential um (which depends on fQ)
influence the effective diffusion coefficient, while the distri-
bution coefficient Kd affects only the apparent diffusion
coefficient. Fig. 4a–d show the sensitivity of the model to
F, um, fQ, and Kd, respectively. The model is very sensitive
to these parameters. The lower the formation factor F is,
the higher the diffusion flux. The parameters um and fQ

are related to each other. For a cation, the lower the mean
electrical potential um is, the higher the normalized flux is.
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Fig. 4. Model sensitivity of four important parameters on the normalize
influence of the formation factor F, (b) influence of the mean electrica
coefficient fQ of the countercharge between the Stern and the diffuse layers
steady-state regime, the normalized flux is independent of the value of Kd

period but not the steady state value of the flux.
5. COMPARISON WITH EXPERIMENTAL DATA

5.1. Laboratory experiments

The model presented in Section 4 is compared to tracer
through-diffusion experiments in Callovo-Oxfordian clay-
rock samples. We consider the following tracers (i) 22Na+

(data from Melkior et al., 2007), (ii) 36Cl�, and (iii)
35SO4

2� (data from Bazer-Bachi et al., 2007). The core sam-
ples used by these authors have been extracted from differ-
ent locations in the COx formation. The properties of the
core samples are summarized in Table 1. The samples from
K100 in Bazer-Bachi et al. (2007) corresponds to a end-
member of the overall formation in term of clay content
and porosity (see Table 1).

Through-diffusion experiments were performed in two
different core samples for 36Cl� and 35SO4

2�. This could ex-
plain the small differences in porosities and formation fac-
tors for the two experiments. Experiments were run with
a synthetic water of a composition in chemical equilibrium
with the initial medium (see Table 2). Samples were put in
contact with this synthetic water for several weeks to reach
equilibrium. Diffusion results are presented as normalized
ionic out-flux JN measured in the downstream reservoir ver-
sus time. This allows the comparison between results for
different values of the thickness and the diameter of the
samples.
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Table 1
Physical and chemical characteristics of the through-diffusion
samples.

HTM102
(�464 m)

EST205-
K100

Porosity, / 0.15 0.030–
0.037a

Grain density, qg (kg m�3) 2670 2700b

Cation exchange capacity CEC
(meq g�1)

0.18 ± 0.04c 0.11 ± 0.03d

Temperature, T (K) 296 (23 �C) 294 (21 �C)
Depth (m) 464 424
Lithofacies C2b2 C2d

a HTO apparent porosity for tracer 36Cl�=35SO4
2� disk,

respectively.
b Leroy et al. (2007).
c Gaucher et al. (2004) and Leroy et al. (2007).
d ANDRA (2005).

Table 2
Ionic compositions of the synthetic ground water.

Concentration (mol L�1)

Melkior et al., 2007 Bazer-Bachi et al., 2007a

Na+ 3.44 � 10�2 4.17 � 10�2

K+ 1.34 � 10�4 5.40 � 10�3

Ca2+ 2.87 � 10�3 9.74 � 10�3

Mg2+ 5.26 � 10�3 7.68 � 10�3

Cl� 5.00 � 10�2 7.19 � 10�2

SO4
2� 7.00 � 10�5 4.40 � 10�3

HCO3� 6.20 � 10�4 1.44 � 10�3

Ib 5.70 � 10�2 1.03 � 10�1

pH 8.0 7.3

a From Jacquot (2002).
b Ionic strength.
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In order to compare the model with the experimental
data, we first determine prior values for the three key-
parameters (the formation factor, the mean electrical poten-
tial of the pore space, and the sorption coefficients). For
each sample, HTO diffusion data are used to determine
the prior value of the formation factor using
F ¼ Df

HTO=DHTO. Results are given in Table 3. Then, from
the synthetic porewater composition and the model de-
scribed in Section 3.1, we determine the a priori, value of
Table 3
Computed a priori parameters for tracer diffusion simulation.

Tracer Porosity, / Formation factor, F Elect

HTM102
(�464 m)

22Na+ 0.150 89.6 �23.

EST205-K100 36Cl� 0.030b 772.3 �32.
35SO4

2� 0.037b 717.1 �29.

a Measured by batch experiment by Melkior et al. (2007).
b Apparent porosity from HTO diffusion.
c Result from batch experiment by Bazer-Bachi et al. (2007).
d Measured by column experiment by Bazer-Bachi et al. (2007).
the mean electrical potential um (see Eqs. (13)–(16)). They
are given in Table 3 using the value fQ = 0.94 discussed
above. We use the distribution coefficients Ki

d given by
Melkior et al. (2007) for his sample. This distribution coef-
ficient has been determined by batch test experiments. The
prior values of the distribution coefficient of cations (coun-
terions) can also be obtained from Eqs. (18)–(20). There-
fore, we will compare this result for 22Na+ in the sample
HTM102 (�464 m deep) to the Kd value obtained by batch
experiment from Melkior et al. (2007).

For each data set, we fit the data with the Simplex algo-
rithm (Caceci and Cacheris, 1984) to obtain the posterior
values of the key-parameters F, um, and Ki

d . The forward
problem, solved by COMSOL MultiphysicsTM 3.4, is cou-
pled to an optimization routine written in a MatLab� rou-
tine (Fig. 5). Our algorithm looks for the minimum of a cost
function G define by,

MinG �
XN

i¼1

Ji
NExp � Ji

NModel

Ji
NModel
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R; ð26Þ
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where N is the number of the experimental data i, and R a
regularization term (see Tikhonov, 1963). The superscripts
‘‘opt” and ‘‘ap” mean optimized and prior parameters,
respectively. Fig. 6 shows that the cost function G has an
unique minimum.

Fig. 7 presents fitted formation factors of the investi-
gated samples versus the porosity. We also plotted F from
bibliographic data on the Callovo-Oxfordian and Archie’s
law F = /�m (for m = 1.95 and m = 3) on this figure to
show the consistency of the fitted values. We note that
m = 3 correspond to the proposed value of Mendelson
and Cohen (1982) for platey disks (like montmorillonite).
Note that these formation factors results also from different
evaluations: Revil et al. (2005) obtained their formation
factors (Fig. 7a) from electrical conductivity measurement
at different salinities while the values proposed by Descostes
et al. (2008) are based on HTO diffusion data (Fig. 7b).

Fig. 8 shows the fitted mean electrical potential versus
porosity compared to the model of Revil and Linde
(2006) described in Eqs. (13)–(16), using the porewater
chemistry given by the bibliography (Table 2).

The apparent distribution coefficient KNaþ
d studied by

Melkior et al. (2007) can be calculated following our ap-
rical mean potential, um (V) Distribution coefficient, Kd (m3 kg�1)

2 � 10�3 0.41 � 10�3a

1 � 10�3 0
1 � 10�3 0c

0.018 � 10�3d



Fig. 5. Optimization algorithm for model parameters determina-
tion from experimental normalized flux. The COMSOL Multi-
physicsTM program provides the normalized diffusion flux data and
the Simplex algorithm minimize a cost function G to fit these data,
and then determine the best value of the formation factor, the mean
electrical potential in the microporosity, and the partition coeffi-
cient for sorption.

Fig. 6. Shape of the logarithm of the cost function with a
regularization term for the optimization of the 22Na+ diffusion
experiment (HTM102 �464 m). The cost function G has a unique
minimum corresponding to the position of the filled circle.

Fig. 7. Formation factor versus porosity in the COx argillite. The
formation factor data have been obtained: (a) by electrical
measurement for Revil et al. (2005), (b) by the ratio
F ¼ Df

HTO=DHTO for Descostes et al. (2008), and by fit for
HTM102-464 and EST205-K100 in the present study (a posteriori
value). Archie’s law for m = 1.95 and m = 3 have been proposed by
Revil et al. (2005) and Descostes et al. (2008), respectively, (Oxf
stands for Oxfordian).
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proach based on the triple layer model (using Eqs. (18)–
(20)) and used as an a priori parameter. This computation
used COx parameters: ub = �95.3 � 10�3 V,
C0

X ¼ 9:1� 1016 sites m�2 (from Leroy et al., 2007), and
Ssp = 5 � 104 m2 kg�1 (from Gaucher et al., 2004). Leroy
et al. (2007) have also determined KNa = 0.80 ± 0.05, which
is consistent with the value proposed by Avena and De Pau-
li (1998) (KNa = 0.77). Using the pore water composition
proposed by Melkior et al. (2007)
ðCNaþ ¼ 3:44� 10�3 mol L�1Þ, Eq. (19) yields the surface
site density of counterions in the Stern layer equal to
C0

XNa ¼ 1:72� 1017 sites m�2.
5.1.1. Diffusion of 22Na+

We ran an optimization procedure for the 22Na+ tracer
diffusion data for sample HTM102 (464 m deep) (Melkior
et al., 2007). The value of the distribution coefficient they
found by a batch experiment is equal to 0.41 � 10�3 m3 kg�1.
Using the TLM model of Leroy et al. (2007), we determine a
prior value of Kd ¼ 0:414� 10�3 m3 kg�1 which corresponds
to an excellent agreement between the TLM model and the
experimental value by a batch experiment. Prior values for
the formation factor and the mean electrical potential are
F = 89.6 and um = �23.2 mV, respectively.

The fitted normalized flux curve and experimental data
are presented in Fig. 9. The best fit yields the following pos-
terior values: F = 82.6, um = �23.8 mV, and
Kd = 0.704 � 10�3 m3 kg�1 (the correlation coefficient is



Fig. 8. Fitted mean electrical potential for the three samples and
model prediction versus porosity. The mean electrical potentials are
determined from the water chemistry used by Bazer-Bachi et al.
(2007) for the diffusion experiments (solids lines), and by Melkior
et al. (2007) (dashed line). The gray envelop corresponds to two
values of the Stern fraction of counterion: the maximum value
proposed by Leroy et al. (2007) (fQ = 0.96), and the lower
calculated value resulting from the osmotic pressure data
(fQ = 0.84). The filled circles and square represent the best fit from
the experimental data of Bazer-Bachi et al. (2007) and Melkior
et al. (2007), respectively.
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K100).

Diffusion of ionic tracers in clay-rock 2721
R2 = 97.4%). The fitted and the computed formation factor
F are very close (RE = 7.9%). The mean electrical potential
fitted corresponds pretty well to the computed one
(RE = 2.6%). The distribution coefficient presents a differ-
ence (RE = 41.8%). This difference between fitted and com-
puted parameters can easily be explained by the
uncertainties both on the experimental data, on the poros-
ity, and on the value of F resulting from HTO diffusion
data.
5.1.2. Diffusion of 36Cl�

We ran the simulation for 36Cl� tracer diffusion in the
EST205-K100. Fig. 10 shows the confrontation between
the fitted normalized diffusion flux following our model
and experimental data from Bazer-Bachi et al. (2007).
The chloride 36Cl� is a non-sorbed tracer, so we consider
Kd = 0 m3 kg�1. The other a priori value are F = 772.3
and um = �32.1 mV.

The minimization of the cost function G yields the fol-
lowing a posterior values of the model parameters:
F = 772.3 and um = �47.0 mV (R2 = 75.5%). Computed
and fitted formation factor F are equal but the a posteriori
value of mean electrical potential um presents a difference
with the a priori value (RE = 46.9%).

5.1.3. Diffusion of 35SO4
2�

We have also simulated the 35SO4
2� diffusion data

through a clay-rock sample from the EST205-K100 core (Ba-
zer-Bachi et al., 2007). Concerning the sulfate tracer, we took
into account ion pairing. Indeed, sulfate speciation reactions
have quite hight reaction coefficient and the complexes result-
ing from these reactions have diffusion coefficient on the same
order of magnitude than SO4

2� (see Table 4). Some of the sul-
fate species are uncharged (CaSO4

0 and MgSO4
0). This

means that their diffusion coefficient depends only on the for-
mation factor F and not on the electrostatic tortuosity del. Ba-
zer-Bachi et al. (2007) used radio-active measurement
(normalized flux in [(Bq m�2 d�1)/(Bq m�3)]) in the down-
stream reservoir, which means that every radio-active
35SO4species were measured (not only 35SO4

2�). Thus the
measured flux of 35SO4 is the sum of all the 35SO4 species flux:
JSO4
¼
P

pjJj, where pj is the concentration fraction of the
considered SO4 species. We used the software PHREEQC
(version 2) developed by Parkhurst and Appelo (1999) to
compute the speciation using the Bazer-Bachi et al. (2007)
water composition. Table 5 summarizes the major species
concentrations. The tracer diffusion model is then modified
to compute the following SO4 total flux:

JSO4
¼ pSO4

2�JSO4
2� þ pNaSO4

�JNaSO4
� þ pKSO4

�JKSO4
�

þ pCaSO4
0 JCaSO4

0 þ pMgSO4
0 JMgSO4

0 : ð28Þ



Table 4
Reactions and constants for the speciation of sulfate (at 25 �C).

Chemical reaction Speciation
constanta

Diffusion coefficient
(m2 s�1)a

Ca2þ þ SO4
2� $ CaSO4

0 KCa = 2.3 Df
CaSO4

0 ¼ 5:06� 10�10

Mg2þ þ SO4
2� $MgSO4

0 KMg = 2.34 Df
MgSO4

0 ¼ 4:78� 10�10

Kþ þ SO4
2� $ KSO4

� KK = 0.85 Df
KSO4

� ¼ 7:16� 10�10

Naþ þ SO4
2� $ NaSO4

� KNa = 0.7 Df
NaSO4

0 ¼ 6:18� 10�10

a Value proposed by the PhreeqC2 manual by Parkhurst and
Appelo (1999).

Table 5
Major species of the Bazer-Bachi et al. (2007) solution calculated
from Table 2 and PHREEQC2.

Major ionic
species

Concentration
(mol L�1)

Species fraction of
[SO4

tot]a

Na+ 4.19 � 10�2

NaSO4
� 8.91 � 10�5 0.04

K+ 5.42 � 10�2

KSO4
� 1.50 � 10�4 0.07

Ca2+ 9.38 � 10�3

CaSO4
0 2.85 � 10�4 0.14

Mg2+ 7.28 � 10�3

MgSO4
0 2.54 � 10�4 0.13

Cl� 7.24 � 10�2

SO4
2� 1.23 � 10�3 0.61

HCO3
� 6.79 � 10�4

a pi ¼ CiP
½SO4 �

.
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Fig. 11. Simulation of a 35SO4
2� tracer diffusion in the COx

(EST205-K100).
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Bazer-Bachi et al. (2007) performed two different tests on
COx argillites to determine the SO4 sorption: a column test
led to Kd = 1.80 � 10�5 m3 kg�1, but the batch experiment
did not show sorption. The prior values of formation factor
and mean electrical potential are F = 717.1,
um = �29.1 mV, and Kd = 0 m3 kg�1, respectively.

The minimization of the cost function G yields the fol-
lowing posterior values: F = 711 and um = �34.1 mV
(R2 = 46.7%) in good agreement with the experimental va-
lue given above (Fig. 11). The strong dispersion of the
experimental data yields a low R2 fit value. However, the
fitted and computed formation factors F are very close to
each other (RE = 0.8%). The fitted mean electrical potential
um present a bigger difference (RE = 14.7%). The difference
between the two fitted um can be explained by the model
sensitivity and experimental uncertainty.

6. FIELD DATA

In a recent study, Descostes et al. (2008) determined the
diffusion coefficients of several anions (Cl�, I�, SO4

2�, and
SeO3

�) in a set of the Callovo-Oxfordian clay-rock samples
formation and in the Oxfordian limestones, which is the
formation lying just above the COx formation in the Paris
Basin. From the top of the Oxfordian formation to 399 m
deep, the formation is composed of several calcareous facies
(called C3b, L1a, L1b, L2a, L2b, and L2c) with 80–95% of
carbonates (ANDRA, 2005). Between 399 and 417 m deep,
the Oxfordian formation presents important vertical miner-
alogical variations (facies C3a). The carbonate fraction de-
creases roughly from 80% (at a depth of 399 m) to less than
40% (at a depth of 417 m) while the clay fraction increases
from 15% to 45% (illite, mica, and interstratified illite/smec-
tite). The remaining mineral corresponds mainly to silica.
The upper part of the COx formation (facies C2d, 417–
437 m deep) presents important spatial variations in the
mineralogy. These variations are in the same order of mag-
nitude than in C3a. Below 437 m, the COx becomes more
homogeneous with a fraction of 40–50% of clay minerals,
20–35% of carbonates, and 25–35% of silica (facies C2b1,
C2b2, and C2c) (ANDRA, 2005).

The measurements of the diffusion coefficients were per-
formed with the through-diffusion technique using a collec-
tion of core samples from 166 m to 477 m below the ground
surface. For each sample for which the anionic diffusion
was made, except for SeO3

�, the HTO diffusion coefficient
was also measured. We did not consider the I� tracer diffu-
sion experiments because the iodine is not present in the
natural COx clay-rock. Concerning sulfate, we considered
the speciation model of ion pairing discussed above (Sec-
tion 5.1.3., and Tables 4 and 5) for the um calculation.
We used first the HTO diffusion coefficients to determine
the values of the formation factor using F ¼ Df

HTO=DHTO

(see Fig. 7b). Then, using Eq. (25), we determined the mean
electrical potential um from F and Di (in the range (0.2–
96) � 10�12 m2 s�1):

um ¼ �
kBT
qi

log
DiF

Df
i

 !
: ð29Þ

Fig. 12 shows the values of F and um as a function of
depth. The calculated formation factor in the upper part
of the Oxfordian limestone formation (from 177 to 360 m
deep) is quite low. It becomes more important and reach
103 between 400 and 425 m just above the Callovo-Oxfor-
dian argillites. The C3a layer has been particularly studied
by Descostes et al. (2008) with six samples between 399 and
417 m deep. In the middle of the COx formation, F is
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comprised between 40 and 140, which is consistent with the
electrical conductivity measurements presented by Revil
et al. (2005) and performed at different salinities with NaCl
brines.

The values of um are very low in the Oxfordian lime-
stone formation. In this formation, we have,

limum!0Di=Df
i ¼ 1=F ; ð30Þ

which means that the electrostatic constrictivity del is equal to
one. The C3a layer (399–417 m deep) presents more impor-
tant values of the mean potential in the microporosity um.
The values of um are in the range between�40 and�20 mV.

In the COx formation, the mean electrical potential that
is calculated falls between �54 and �39 mV. Considering
the experimental uncertainties and the local variation of
parameters (/, CEC) between two samples, the computed
um are quite consistent with the average of computed elec-
trical potential: �43.5 mV in the COx. This electrical poten-
tial value appears to be stronger than the model predictions
by Eqs. (13)–(16).

Our tracer diffusion model is directly related to the gen-
eralized transport model in microporous media described
by Revil and Linde (2006). That implies that parameters
like the electrical formation factor F and the mean electrical
potential in the diffuse layer um, can be applied to deter-
mine some other rock properties. The osmotic pressure is
one of them. Therefore, in order to test further the range
of computed um values, we decided to compute the value
of the osmotic pressure in the COx from the diffusion test
data. Revil and Linde (2006) proposed the following rela-
tionship between the mean electrical potential um and the
osmotic pressures pm:
pm ¼ kBT
XQ

i¼1

Ci exp � qium

kBT

� 	
� 1

� �
; ð31Þ

where Q is the number of species that are present in the
pore water solution. The osmotic efficiency is defined by,

e � @p
@pm

� 	
u¼0

; ð32Þ

and e 6 1 (e = 1 for a perfect membrane). Therefore in an
undrained system (the Darcy velocity u is zero), the fluid
pressure is equal to p = pH + epm. Therefore the excess fluid
pressure is equal to,

dp � p � pH ¼ epm: ð33Þ

where the hydrostatic fluid pressure is taken in the underly-
ing Dogger limestones formation.

Considering the pore water presented in Descostes et al.
(2008), it becomes possible to determine pm in the COx at
several depths from the previously determined values of
um (using Eq. (29)). The values of the osmotic pressure
are shown on Fig. 13. The predicted values can be com-
pared to the measured fluid overpressure (above the hydro-
static level) in the Callovo-Oxfordian argillites layer (see
Gueutin et al., 2007). The measured excess hydraulic heads
are in the range 20–60 m (0.2–0.6 MPa). Comparison be-
tween measured overpressure and computed osmotic pres-
sure pm in the medium are displayed on Fig. 13. The
computed values of um from Cl� and SO4

2� diffusion tests
(Descostes et al., 2008) are used to determine the osmotic
pressure in the COx Formation. Using Eq. (33) and the
measured overpressures, this yields a value for the osmotic
efficiency e � 0.4.
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Fig. 13. Comparison between the osmotic head pm in the Oxfor-
dian Limestones and Callovo-Oxfordian argillites and the mea-
surements of the excess pore fluid pressure head (above
hydrostatic) with e = 0.40 (Eq. (33)).The values of pm have been
determined from the values of um (Fig. 13) and synthetic pore
water described in Descostes et al. (2008). The overpressure data
(+) (here expressed in hydraulic head above hydrostatic) come
from ANDRA (Gueutin et al., 2007).
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Can the previous value of the osmotic coefficient value
be determined independently? The response is yes. Indeed,
Revil and Leroy (2004) and Revil et al. (2005) developed
a model for the osmotic coefficient that is given by,

e ¼ 1� ð1þ R2Þ1=2 þ Rð2 T ðþÞ � 1Þ; ð34Þ

where T(+) is the macroscopic Hittorf number of the cations
through the clay-rock and R is an adimensional number de-
fined by R ¼ QV =ð2eCf Þ for a binary symmetric electrolyte.
Eq. (34) was tested successfully against experiment data by
Revil and Leroy (2004). Determining the value of QV from
Eqs. (13) and (14) and using fQ = 0.84, yields T(+) = 0.9 and
R = 1.77. In turn, plugging these values into Eq. (34) yields
e = 0.40. This value agrees with the value determined above
from the excess head pressure recorded in the borehole
(Fig. 13). Taking into account all the uncertainties yields
e comprised between 0.20 and 0.40. These values corre-
spond to fQ in the range 0.84 to 0.90. This upper value of
fQ is close to the one proposed by Leroy et al. (2007) and
the lower value corresponds to Gonc�alvès et al. (2007) value
for a bentonite.

How the osmotic pressure is responsible for an observed
overpressure? The osmotic swelling pressure is responsible
for the swelling of the walls of the borehole drilled through
the COx formation. The good agreement between the trend
of the computed osmotic swelling pressure and that of the
fluid overpressure measured in boreholes could be inter-
preted as the result of a related swelling of the clay-rock.
This swelling yields a constriction of the walls of the well
and thus a reduction of the volume of the chamber where
the pressure probe is measuring the pressure.
7. CONCLUSION

The model developed by Revil and Linde (2006) is used
to compute the diffusion of tracers (22Na+, 36Cl�, 35SO4

2�)
through the Callovo-Oxfordian clay-rock using a general-
ized Donnan equilibrium model and the formation factor.
This model is able to explain tracer diffusion experiments
performed by different authors in the COx formation and
to determine the profile of these parameters in the forma-
tions. In addition, the mean electrical potential allows the
determination of the osmotic pressure in the medium. The
next step will be to connect this diffusion model to geophys-
ical measurements of complex resistivity such as modeled
recently by Leroy et al. (2008) to evaluate the properties
of the excavation damaged zone in the vicinity of the galler-
ies of an underground site. In fact, the model developed in
the present paper is also easy to extend to unsaturated con-
ditions. Revil and Jougnot (2008) have discussed recently a
model of multicomponent diffusion in an unsaturated por-
ous material. The change of variables 1=F ! /msn

w and
QV ! QV =sw (where sw is the relative water saturation) pro-
vides a theoretically justified operation to determine the ef-
fect of the water saturation upon the effective diffusion
coefficient of ionic tracers in a clay-rock.
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APPENDIX A

In this Appendix, we estimate the influence of the activ-
ity coefficient upon the diffusion of the tracers through a
clay-rock. From Revil and Linde (2006), the constitutive
equation of the diffusion flux of a single ion is writen as:

Ji ¼ �
�ri

q2
i F
rli; ðA1Þ

with F, the formation factor, qi = (±e)zi, the charge of spe-
cies i and zi its valence (e = 1.6 � 10�19 C is the elementary
charge), and �ri ¼ biCijqij the contribution of species i to the
overall electrical conductivity of the pore water (in S m-1)
defined from bi the ionic mobility and Ci the concentration
of species i in the pore space. The chemical potential li is
related to the ionic activity ai by li ¼ l0

i þ kBT ln ai where
l0

i is the reference chemical potential. This yields,

Ji ¼ �
kBTbiCi

jqijF
r ln ai: ðA2Þ

The first Fick’s law defines the ionic flux as a function of the
concentration gradient. The relationship between the
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activity and the concentration is ai = ciCi where ci is the
activity coefficient. This yields,

r ln ai ¼
rðciCiÞ

ciCi
¼ rCi

Ci
1þ Ci

ci

dci

dCi

� 	
: ðA3Þ

From (A1)–(A3), we obtain,

Ji ¼ �
kBT biCi

jqijFCi
ð1þHÞrCi; ðA4Þ

H � Ci

ci

dci

dCi
¼ Ci

d ln ci

dCi
; ðA5Þ

where H is a correction term. For a ionic strength I lower
than 0.5 mol L�1, ci can be computed by the Davies
equation:

log10ci ¼ �
1

2
z2

i

ffiffi
I
p

1þ
ffiffi
I
p � 0:3I

� 	
: ðA6Þ

This yields,

H ¼ � ln 10

2
z2

i Ci
d
dI

ffiffi
I
p

1þ
ffiffi
I
p

� 	
� 0:3

� �
dI

dCi
; ðA7Þ

H ¼ � ln 10

2
z2

i Ci
1

2
ffiffi
I
p

1þ
ffiffi
I
p� 2

� 0:3

" #
dI

dCi
: ðA8Þ

From the definition of the ionic strength,

I � 1

2

XQ

k¼1

z2
kCk ; ðA9Þ

dI
dCi
¼ 1

2
z2

i : ðA10Þ

The correction parameter becomes:

H ¼ � ln 10

4
z4

i Ci
1

2
ffiffi
I
p

1þ
ffiffi
I
p� 2

� 0:3

" #
: ðA11Þ

The correction term (1 + H) in Eq. (A4) is always negligible
H	 1 when the ionic strength is close to 0.1 mol L�1 and
bigger. Neglecting the term H, Eq. (A3) yields an apparent
Fick’s law,

Ji ¼ �
biCikBT
jqijCiF

rCi: ðA12Þ
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